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Comparing the early Earth to the present day, geological–geochemical evidence points towards higher mantle potential
temperature and a different type of tectonics. In order to investigate possible changes in Precambrian tectonic styles, we
conduct 3D high-resolution petrological–thermomechanical numerical modelling experiments for oceanic plate subduc-
tion under an active continental margin at a wide range of mantle potential temperature TP (ΔTP=0−250 K, compared
to present day conditions). At present daymantle temperatures (ΔTP=0K), results of numerical experiments correspond
tomodern-style subduction,whereas at higher temperature conditions important systematic changes in the styles of both
lithospheric deformation and mantle convection occur. For ΔTP=50−100 K a regime of dripping subduction emerges
which is still very similar to present day subduction but is characterised by frequent dripping from the slab tip and a
loss of coherence of the slab, which suggests a close relationship between dripping subduction and episodic subduction.
At further increasing ΔTP=150−200 K dripping subduction is observed together with unstable dripping lithosphere,
which corresponds to a transitional regime. ForΔTP=250K, presumably equivalent to early Archean, the dominating tec-
tonic style is characterised by small-scale mantle convection, unstable dripping lithosphere, thick basaltic crust and small
plates. Even though the initial setup is still definedbypresent day subduction, thisfinal regime showsmany characteristics
of plume-lid tectonics. Transition between the two end-members, plume-lid tectonics and plate tectonics, happens grad-
ually and at intermediate temperatures elements of both tectonic regimes are present.We conclude, therefore, that most
likely no abrupt geodynamic regime transition point can be specified in the Earth's history and its global geodynamic re-
gime gradually evolved over time from plume-lid tectonics into modern style plate tectonics.

© 2016 International Association for Gondwana Research. Published by Elsevier B.V. All rights reserved.
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1. Introduction

The accretion of Earth frommatter previously dispersed in the solar
nebula and subsequent impact events, among them the moon forming
event (e.g. Canup, 2004), added tremendous amount of energy to the
early Earth (Jaupart et al., 2007). Other important heat sources were
the core–mantle differentiation and a high amount of radiogenic
elements like U, Th and K (Wasserburg et al., 1964). Characteristic
mantle temperatures at that time were between 50−300 K higher than
present day conditions (Abbott et al., 1994, and references therein).

This leads to a period of a fully moltenmantle, the magma ocean, which
started to crystallisewhile the Earthwas cooling. During this continuous pro-
cess of cooling the crust was formed and themantle solidified and started to
convect by solid state creep. At some point during further cooling subduction
processes and global plate tectonics must have initiated. However, this early
subduction probably looked very different from what is called subduction
today mainly due to the high mantle temperature (e.g. van Hunen and van
na Research. Published by Elsevier B.
den Berg, 2008; Sizova et al., 2010, and references therein).With the contin-
ued cooling of the Earth'smantle, also amplified by the onset of plate tecton-
ics, the styleof subductionchanged throughout thePrecambriananduntil the
presentday to themodernstyleof subductionwhich ismostwell-knownand
commonly referred to as subduction.

Present dayEarth allowsus tonot only studydirectly accessible data at its
surface by variousmeans but also sample geophysical data in its interior. This
gives us a good understanding of the modern day geodynamic processes.
However, in the study of Precambrian geodynamics natural data are much
more restricted since no geophysical information for the deep Earth's interior
at that time is available Gerya (2014). The only accessible data is geological,
geochemical, petrological and geochronological data of Precambrian rocks
from the Earth's surface. But the Precambrian rock record is relatively scarce
and becomes more restricted with increasing rock age.

Major outcrops of Precambrian rocks are mainly found in cratons
and continental shields. Examples of Archean outcrops are the Slave
province in Canada (Bleeker et al., 1999), the Pilbara craton in
Australia (Collins et al., 1998; Hickman, 2004; Van Kranendonk et al.,
2004) or the Kaapvaal craton in South Africa.

Granite-greenstone terrains (GGT) are a general structural element in
cratons. Greenstones form circular networks (Van Kranendonk et al.,
V. All rights reserved.
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2004) orwinding belts of tholeiitic basalts and komatiites often accompa-
nied bymetasediments and banded iron formations (Bleeker et al., 1999).

For most cratons a felsic basement comprised of tonalite–
trondhjemite–granodiorite (TTG) has been shown (e.g. Slave province:
Bleeker et al. (1999), Pilbara craton: Van Kranendonk et al. (2004),
Kaapvaal craton: Kisters and Anhaeusser (1995); Van Kranendonk
(2011)). This basement usually shows a characteristic dome-and-keel
structure with large TTG domes intruding into the overlaying green-
stone cover (Hamilton, 1998; Van Kranendonk et al., 2004; François
et al., 2014). Often several generations of granitoid intrusion can be
found, sometimes within one dome with the oldest suit on the outside
(Van Kranendonk et al., 2004). Several different mechanisms have
been proposed to generate these patterns. Many authors discuss the
similarities of greenstone belts tomodern ophiolite zones both structur-
ally (deWit, 1998) and chemically (Furnes et al., 2015). This leads to the
conclusion that plate tectonics and with it subduction might have been
already operable in the Eoarchean or even Hadean (Furnes et al., 2015).
Another possibility is the formation of the TTG domes by diapirism or
sagduction (e.g. Hill et al., 1991; Vlaar et al., 1994; François et al.,
2014). The layering of mafic greenstones on top of felsic TTGs creates
a density instability which results in partial convective overturn
(Collins et al., 1998; Van Kranendonk, 2011). The typical pattern of
TTG domes with greenstone belts in between emerges which is best
conserved in the East Pilbara (François et al., 2014). The process of
sagduction does not necessarily require active plate tectonics and can
therefore be seen as an alternative to an early onset of the subduction
process (Hamilton, 1998).

In this context the two questions which are most strongly debated
are (1) the timing and mechanism of onset of subduction and (2) the
change of style in subduction throughout the Earth history. To answer
these important questions, numerical geodynamic models should be
used in addition to restricted natural data (e.g. Vlaar et al., 1994; van
Hunen and van den Berg, 2008; Sizova et al., 2010; Gerya, 2014; Gerya
et al., 2015, and references therein).

Previous studies focused on 2D numerical models of Precambrian
subduction. Van Hunen and van den Berg (2008) found in particular
that an increase of 200−300 K in the mantle potential temperature TP
leads to episodic subduction interrupted by frequent slab break-off.
Sizova et al. (2010) were able to identify several geodynamic regimes
mainly depending onmantle potential temperature. They found a tran-
sition from ‘no-subduction’ to ‘pre-subduction’ for amantle 200−250 K
hotter, where ‘pre-subduction’ is characterised by shallow underthrust-
ing and two-sided lithospheric downwellings. A second transition from
‘pre-subduction’ to present day subduction was found at 160−175 K
increased mantle potential temperature.

Despite the fact that Precambrian crustal deformation processes are
typically characterised by three-dimensional mass redistribution
(Chardon et al., 2009; Perchuk and Gerya, 2011; François et al., 2014),
no 3D numerical modelling studies of Precambrian tectonics have
been done so far. This study will therefore be the first to present 3D
numerical modelling results. In the following, mantle temperature is
identified as the dominant parameter (among others van Hunen and
van den Berg, 2008; Sizova et al., 2010, 2014) which influences the sub-
duction style. Subduction stability is then analysed back in geological
time by means of exploring higher mantle potential temperature (van
Hunen and van den Berg, 2008; Sizova et al., 2010, 2014), although no
direct time–temperature correlation is explored in our study.

2. Methods

2.1. Model design

2.1.1. Initial and boundary conditions
To simulate the process of subduction of an oceanic plate beneath

an overriding continent, a model setup (see Fig. 2a) with a size of
1000×328×680 km has been chosen. The model resolution is
2×2×2 km per cell with a subgrid resolution of 1 km for the material
properties defined on Lagrangian markers. The model setup follows
closely the 2D models described by Sizova et al. (2010) as well as 3D
laterally variable modern subduction/collision models explored by
Duretz et al. (2014) for comparisonwith previous results. The continen-
tal crust of the overriding plate at the left model boundary has a length
of 400 kmwhile the oceanic crust of the subducting plate has a length of
600 km on one half of the model domain and a length of 500 km in the
other half to allow space for a continental corner of 100 kmby 500 kmat
the right model boundary (Fig. 2a).

The models have been carried out with the 3D numerical I3ELVIS
code (Gerya and Yuen, 2007) which is based on a conservative finite
difference method with a multigrid solver and a non-diffusive marker-
in-cell technique to simulate multiphase flow (Gerya and Yuen, 2003,
2007). Additionally, the 3D code also features melting of crustal and
mantle rocks and volcanic addition of primordial crust from silicate
melt, eclogitic phase changes as well as hydration and dehydration
(Zhu et al., 2013).

The oceanic crust is modelled by a 3 km thick layer of basalt above a
5 km thick layer of gabbro. The continental crust consists of felsic rock of
35 km thickness in total while the upper continental crust is 12 km thick
and the lower continental crust is 23 km thick. A lithospheric mantle of
dry peridotite goes down to a depth of 90 km.

An inclined weak fracture zone of wet olivine rheology (Ranalli,
1995) is introduced which will allow focused subduction initiation at
a prescribed narrow zone along the continental margin. The weak
zone extends to the bottom of the lithosphere forming a straight line
between continental and oceanic plate going through the entire model
domain (Duretz et al., 2014).

All mechanical boundary conditions are free slip except for the
bottom boundary which is open. The uppermost 12−15 km of the
model domain are filled with ‘sticky air’ which acts as an internal
free surface boundary condition (Crameri et al., 2012). In the upper-
most 130 km constant convergence velocity conditions are applied
at the left and right model boundary (except for model A0, where
velocity boundary conditions are applied over the entire left and
right model boundaries, see Fig. 3a) giving an overall convergence
rate of 3.0 cm/yr partitioned as 1.0 cm/yr and 2.0 cm/yr between
the left and right plate, respectively (Figs. 1 and 3b). This forced
convergence rate decreases linearly to zero between 20 and 25 Myr
and is set to zero after 25 Myr. These boundary conditions allow
the development of a self-consistent subduction zone which will go
into a retreating mode after the forced convergence is stopped and
leads to extension of the overriding plate.

A simplified and instantaneous erosion and sedimentation model is
implemented. Rockmarkers of any typewhich are found above the ero-
sion level yeroslev are eroded instantaneously and converted to air while
water markers below the sedimentation level ysedilev are deposited in-
stantaneously and converted to layered sediments. The sea level ywaterlev

is held constant at a certain vertical coordinate (3 km above the initial
oceanic crust level).

The temperature structure of the oceanic plate is given by the ocean-
ic geotherm which is calculated for a given cooling age and mantle po-
tential temperature (Turcotte and Schubert, 2002). The temperature
structure in the continental plate is given by a linear geotherm. The
surface temperature is fixed at 273 K whereas the temperature at the
lithosphere-asthenosphere boundary (LAB) is given by the adopted
asthenospheric geotherm. The thickness of the lithosphere and the
depth of the LAB is defined thermally by the change in slope of the
temperature profile. The asthenosphere has a fixed linear adiabatic
temperature gradient of 0.5 K/km. However, the mantle potential tem-
perature TP (the theoretical intersection of the asthenospheric
geotherm with the Earth's surface) is varied in different experiments
to simulate early-Earth-like conditions (ΔTP=0−250 K compared to
present day reference mantle potential temperature TP=Tinitial=
1556 K (Herzberg et al., 2007)).



Fig. 1. Top viewof themodel setupused. Blue arrows indicate the direction of compression,while the red line indicates theposition of the prescribedweak zone. Letters denote positions of
different 2D (A)-(C) and 1D (D), (E) profiles.
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2.1.2. Modelling of dehydration, hydration and water transport
The slab dehydration and mantle hydration model is based on the

water markers approach (Gerya and Meilick, 2011). The equilibrium
mineralogical water content is computed for the crust and the mantle
as a function of pressure and temperature from thermodynamic data
by free energy minimisation (Connolly, 2005; Gerya and Meilick,
2011). In addition, water is present as pore fluid with concentrations
of up to 2 wt .% in the upper oceanic crust (basalt). The pore water
content XH2O(P) (wt .%) decreases linearly from the maximal value of
XH2O(P0)=2 wt.% at the surface to 0 wt.% at 75 km depth:

XH2O Pð Þ ¼ 1−0:013 � Δyð Þ � XH2O P0ð Þ; ð1Þ

where y is depth (0−75 km). The pore water release also mimics ef-
fects of low-temperature (Tb573 K) reactions, which are not included
in the thermodynamic database (Gerya andMeilick, 2011). The oceanic
crust dehydrates as it sinks. The timing of H2O release by dehydration
reactions is determined by the physicochemical conditions of the
model and the assumption of thermodynamic equilibrium.Water prop-
agates upward into the mantle wedge. Water propagation is modelled
in the form of water markers: dehydration reactions lead to a release
of water, the amount of which is stored in a newly generated water
marker. Water markers move through the rocks with the following
velocity:

vx;water ¼ vx; ð2aÞ

vy;water ¼ vy−vy;percolation ð2bÞ

vx and vy describe the local velocity of themantle and vy,percolation indicates
the relative velocity of upward percolation (vy,percolation=10 cm/yr in our
experiments) (Gerya and Meilick, 2011). The water marker releases its
water as soon as it encounters a rock capable of absorbing water by
hydration or melting reactions at given P–T-conditions and rock compo-
sition (Gerya and Meilick, 2011).

2.1.3. Modelling of melting and crustal growth
In order to account for changes in melting conditions (e.g., solidus

and liquidus temperatures— Tsolidus and Tliquidus) with varying rock com-
position four differentmeltingmodels are used. For sediments and felsic
rocks like dry or hydrated upper continental crust a granite melting
model is applied (Johannes, 1985; Poli and Schmidt, 2002; Gerya et al.,
2006):

Tsolidus ¼ 889þ 17900
P þ 54

þ 20200

P þ 54ð Þ2
at P b 1200 MPa

831þ 0:06 � P at P ≥1200 MPa

8<
: ð3aÞ

Tliquidus ¼ 1262þ 0:09 � P ð3bÞ
For all hydratedmafic rocks like upper oceanic crust, hydrated lower
continental crust and new formed volcanic rocks a basalt meltingmodel
is applied (Hess, 1989; Schmidt and Poli, 1998; Gerya et al., 2006):

Tsolidus ¼
973þ 70400

P þ 354
þ 77800000

P þ 354ð Þ2
at P b 1600 MPa

935þ 3:5� 10−3 � P þ 6:2 � 10−6 � P2 at P ≥1600 MPa

8<
: ð4aÞ

Tliquidus ¼ 1423þ 0:105 � P ð4bÞ

A gabbromeltingmodel (Hess, 1989; Gerya et al., 2006) is applied to
the lower part of both oceanic and continental crust:

Tsolidus ¼ 1327þ 0:091 � P ð5aÞ

Tliquidus ¼ 1423þ 0:105 � P ð5bÞ

For mantle peridotite in various stages of hydration a P–T–H2O
dependent melting model of Katz et al. (2003) is applied:

Tsolidus ¼ 1359þ 0:133 � P−5:1 � 10−6 � P2−43∙ XH2O
� �0:75 ð6aÞ

Tliquidus ¼ 2053þ 0:045 � P−2:0 � 10−6 � P2−43∙ XH2O
� �0:75 ð6bÞ

Dry mantle melting is only activated at pressures less than a maxi-
mum pressure Pmax=10 GPa to avoid unrealistic results arising from
the melting model extrapolation.

For all crustal lithologies, the standard melt fraction is calculated
according to a simplified linear melting model (Gerya et al., 2006),

M0 ¼
0; if T b Tsolidus

T−Tsolidus

Tliquidus−Tsolidus
; if Tsolidus b T b Tliquidus

1; if T N Tliquidus

8>><
>>: ð7Þ

where M0 is the standard volumetric degree of melting before melt
extraction. For the mantle, the non-linear melting model of Katz et al.
(2003) is used to calculateM0. In both crustal and mantle rocks, the ac-
tual amount ofmeltM is defined as the difference between the standard
melt fraction M0 and the amount of previously extracted melt ∑nMext

which is accumulated for each marker in the course of the model
where n is the number of melt extraction episodes,

M ¼ M0−∑nMext ð8Þ

To simulate melt extraction an extraction threshold Mmax (see
Tables S1 and 2) is defined. If the total amount of melt M on a marker
surpasses this threshold (i.e. when MNMmax) all melt except for a
non-extractable part Mmin (see Tables S1 and 2) is extracted:
∑n+1Mext=∑nMext+M−Mmin. The amount of extracted melt is
then instantaneously transported to the surface and deposited as
volcanic crust.
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The eruption efficiency in these models therefore is 100%. This is a
model simplification since eruption efficiency on Earth is estimated to
be around 5−20% and thus most magmatic rocks are added to the
crust as intrusions (plutons) rather than volcanic sequences (Crisp,
1984). The amount of volcanic rocks in our models will therefore be
overestimated while melt emplacement into the crust in the form of in-
trusions will be neglected. The consequences are higher surface heat
flux and larger heat loss to the atmosphere (Keller and Tackley, 2009).

Another consequence of the implemented melting and crustal
growth approach is that the total volume of rock is not conserved as
the depleted mantle rock will not decrease in volume in our incom-
pressible thermomechanical model. This discrepancy is addressed by
adding new ‘sticky air material’ at the left and right model boundary
and allowing mantle to escape through the bottom of the model.

2.1.4. Density changes due to phase transitions and mantle depletion
For the basalts of the upper and lower oceanic crust a phase transition

frombasalt to garnet–granulite and then eclogite (Ito andKennedy, 1971)
is taken into account. Eclogitisation of subducted crust is implemented
in a simplified manner as a linear density increase with pressure from
0% to 16% in the PT-region between the experimentally determined
garnet-in and plagioclase-out phase transitions in basalt (Ito and
Kennedy, 1971):

PGa−In ¼ −9213:25þ T � 15:25; if P ≥ 3000 bar
3000:0; if P b 3000 bar

�

PPl−Out ¼ −1560þ 20 � T; if P≥15000 bar
15000:0; if P b 15000 bar

� ð9Þ

ρe ¼
ρb; P ≤ PGa−In

ρb � 1:0þ 0:16 � P−PGa−In

PPl−Out−PGa−In

� �
; PGa−In b P b PPl−Out

ρb � 1:16; P ≥ PPl−Out ;

8><
>: ð10Þ

where PGa−In is the temperature dependent basalt to garnet–granulite
transition pressure, PPl−Out is the temperature dependent garnet–
granulite to eclogite transition pressure and ρb and ρe are the basalt
and eclogite densities respectively.

Depending on the accumulated amount of extracted melt ∑nMext

the density of solid peridotite and solid fraction of partially molten
peridotite is adjusted in the following way:

ρs;depleted ¼ ρs � 1:0−0:04∙ −∑n−1Mextð Þ ð11Þ

With increasing amount of extractedmelt, the density of the residue
is decreasing (Schutt and Lesher, 2006). For mantle peridotite with an
accumulated amount of extracted melt ∑nMextN0:3 the mantle is
considered to be strongly depleted andwill be visualised as lithospheric
instead of asthenospheric peridotite. However further depletion is still
possible.

2.1.5. Rheological model
16 different rock types (not including ‘sticky air’ and ‘sticky water’)

are available in both solid and partially molten state (see Fig. 2b). To
each of these rock types one of four different visco-plastic flow laws is
applied. Awet quartzite flow (Ranalli, 1995) law is applied to sediments
and upper crustal material. The lower crust follows a plagioclase An75
flow law and dry or wet mantle follow a respective (i.e., dry or wet)
olivine flaw law (Ranalli, 1995) (see Table 1 for a full compilation of
material properties).
A visco-plastic rheology is employed, where the relationship
between the deviatoric stress σ ′ij and strain-rate _ϵij is described by the
visco-plastic constitutive law. For incompressible viscous deformation
this results in the law of viscous friction,

σ ′ij ¼ 2ηeff _ϵij; ð12Þ

where

_ϵij ¼
1
2

∂vi
∂xj

þ ∂vj

∂xi

 !
; ð13Þ

where ηeff denotes the effective viscosity, which depends on pressure,
temperature, composition, strain rate and degree of melting.

For the ductile creep regime, contributions from different flow laws
such as dislocation and diffusion creep are taken into account using the
inverse average ductile viscosity ηductile,

1
ηductile

¼ 1
ηnewt

þ 1
ηpowl

; ð14Þ

Where ηnewt and ηpowl are effective viscosities for Newtonian
diffusion and power-law dislocation creep, respectively, computed as

ηnewt ¼
1
2
BDσ1−n

crit exp
Ea þ PVa

RT

� �
; ð15aÞ

ηpowl ¼
1
2
B

1
n
D _ϵIIð Þ1−n

n exp
Ea þ PVa

nRT

� �
; ð15bÞ

where _ϵII ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
1=2ð _ϵijÞ2

q
is the second invariant of the strain-rate tensor,

Ea, Va are activation energy and volume respectively, BD is an experi-
mentally defined material constant, n is the stress exponent and σcrit

is the diffusion–dislocation transition stress (see Table 1).
For brittle or plastic deformation, a yield stress σyield is defined,

which depends on the cohesion C0, the effective internal friction angle
ϕeff and the pressure. An upper viscosity limit ηplastic of the yielding
material can now be calculated:

σyield ¼ C0 þ Psin ϕeff

� 	
ð16aÞ

ηplastic ¼
σyield

2 _ϵII
; ð16bÞ

In high stress regions where σIIN108 MPa the Peierls creep mecha-
nism is invoked additionally (Katayama and Karato, 2008).

_ϵII;Peierls ¼ APeierlsσ2
II exp −

Ea þ PVa

RT
1−

σ II

σPeierls

� �k
" #q( )

; ð17aÞ

ηPeirls ¼
σ II

2 _ϵII;Peierls
; ð17bÞ

where σII is the second stress invariant, APeierls=10−4.2s−1MPa−2 is a
material constant for Peierls creep, σPeierls=9.1 ∙109 MPa the dry Peierls
stress which defines the maximum strength of the material similar to
the yield stress. The two exponents k=1.0 and q=2.0 are influenced
by limiting factors of the dislocation motion (Katayama and Karato,
2008).

The effective viscosity ηeff(T,P,c,M) is now the minimum of all
viscosity values,

ηeff ¼ min ηductile;ηPeierls;ηplastic
n o

: ð18Þ



Fig. 2. (a) Initial model setup. An enlarged view of the future subduction area is shown in the inset. (b) All availablematerial types and their colour code in both solid and partially molten
state as will be used throughout this paper.
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Weuse 1019 Pa ∙s and 1024 Pa ∙s as respectively lower and upper cut-
off viscosity limits for all types of materials.

2.1.6. Governing conservation equations
Momentum, mass and heat conservation equation for 3D creeping

flow all need to be satisfied simultaneously.
The conservation of momentum is described by the 3D Stokes equa-

tion with the extended Boussinesq approximation. Density is assumed
to be constant except in the buoyancy force term where temperature
and volatile content play an important role and density therefore varies
locally as a function of temperature, pressure, composition and melt
fraction:

∂σ ′ij
∂xj

¼ ∂P
∂xi

−giρ T; P; c;Mð Þ ð19Þ

Conservation of mass is approximated by the incompressible
continuity equation:

∇ � v!¼ 0: ð20Þ
The temperature equation satisfies the conservation of energy:

ρCp
DT
Dt

� �
¼ −∇ � q!þ Hr þ Ha þ Hs; ð21aÞ

Hr ¼ const: depends on compositionð Þ; ð21bÞ

Ha ¼ Tα v!∇P; ð21cÞ

Hs ¼ σ ′ij _ϵ′ij; ð21dÞ

where heat flux is denoted by q!¼ −kðT; p; cÞ∇T with k being the
thermal conductivity. Hr, Ha, Hs denote radiogenic, adiabatic and shear
heating respectively. Latent heating is included implicitly by means of
equilibrium melting/crystallisation which will change the effective
heat capacity (CPeff) and the effective thermal expansion (α eff) (Burg
and Gerya, 2005; Sizova et al., 2010) of the melting/crystallising rock
as follows,

CPeff ¼ CP þ HL
∂M
∂T

� �
P¼const

; ð22aÞ



Table 1
Material propertiesa as well as applied rheology and melting model is listed for each of the use

Material
Rheology ρ0

[MPa−ns−1] , [−] , [kJ] , [J/bar] [kg/m3]

Sediments Solid Wet quartzite flow law
BD=1.97 ∙1017, n=2.3,
Ea=154, Va=0

2600
Molten 2400

Dry felsic crust Solid 2750
Molten 2400

Hydrated felsic crust Solid 2700
Molten 2400

Basalt Solid 3000
Molten 2900

Lower continental crust Solid Plagioclase An75 flow law
BD=4.80 ∙1022, n=3.2,
Ea=238, Va=0

2950

Molten 2400

Gabbro Solid 3000
Molten 2900

Hydrated basalt Solid 2900
Molten 2400

Dry mantle peridotite Solid Dry olivine flow law
BD=3.98 ∙1016, n=3.5,
Ea=532, Va=0.8

3300
Molten 2900

Hydrated mantle peridotite Solid Wet olivine flow law
BD=5.01 ∙1020, n=4.0,
Ea=470, Va=0.8

3300
Molten 2900

Weak zone Solid 3300
Molten 2900

Serpentinite, Solid 3300

Referencesb 4, 1 1, 2

a For all rock types: Cohesion C0=1 MPa, thermal expansion coefficient α=3.0 ∙10−5 K−1 a
b (1) Turcotte and Schubert (2002), (2) Bittner and Schmeling (1995), (3) Clauser and Huen

Fig. 3. Imposed side boundary conditions formodels (a) A0 and (b) A1 to A6,where arrows
indicate compression and wheels indicate free slip conditions. Position of the slice
corresponds to profile B in Fig. 1.
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αeff ¼ α þ ρ
HL

T
∂M
∂P

� �
T¼const

; ð22bÞ

where heat capacity CP and thermal expansion α denote properties of
the solid rock.

2.2. Variations in the mantle temperature

2.2.1. Development of the mantle geotherm during Earth history
The important difference between the Precambrian and the Phaner-

ozoic is the increased upper mantle and crustal temperature in earlier
Earth history due to higher radiogenic and primordial heating rates. Re-
constructions of the varyingmantle potential temperature during Earth
history have already been undertaken by several authors. Geochemical
studies show an increase of mantle potential temperature ΔTP=200−
300 K at 3 Ga (Abbott et al., 1994; Herzberg et al., 2007, 2010, and
references therein) with a spread in TP between up- and downwelling
regions of up to 200 K (McKenzie and Bickle, 1988; Abbott et al.,
1994; Herzberg et al., 2007, 2010). However, no evidence is found for
a sudden change in global ambient mantle potential temperature
(Abbott et al., 1994;Herzberg et al., 2007, 2010, and references therein).
Similar results are obtained by Labrosse and Jaupart (2007) under the
assumption of a plate tectonics regime: Their 1D numerical models
also show a maximum at 3 Ga but a smaller ΔTP of 150 K.

2.2.2. Reference model series
Due to the demanding computational requirements for high-

resolution 3Dmodelling this study will focus on the variation of mantle
potential temperature ΔTP which, according to Sizova et al. (2010), is
the major reason for observed changes in geodynamic regimes through
the Earth history. Mantle potential temperature is roughly correlated
with time and influences other important parameters like the viscosity
profile. To model subduction at different stages of Earth history, the
d lithologies as given in Fig. 2b.

k Melting Hr HL ϕeff σcrit CP

[K] ½ Wm∙K� ½μWm3 � ½kJkg� [−] [MPa] ½kJkg�

0:64þ 807
Tþ77

Eq. (3) 2.0 300 0.0 0.03 1.0
0.0 1.5

1.0 0.15 0.03 1.0
2.0 0.0 0.0 1.5
1.0 0.03 1.0

0.0 1.5
1:18þ 474

Tþ77
Eq. (4) 0.25 380 0.03 1.0

0.0 1.5

1:18þ 474
Tþ77

Eq. (5) 0.5 380 0.15 0.03 1.0

0:64þ 807
Tþ77

2.0 0.0 0.0 1.5

1:18þ 474
Tþ77

0.25 0.6 0.03 1.0
0.0 0.0 1.5

Eq (4) 0.5 30.0 1.0
0:64þ 807

Tþ77
1.0

0:73þ 1293
Tþ77

Eq. (6) 0.022 400 0.6 0.03 1.0
0.0 0.0 1.5

0:73þ 1293
Tþ77

Eq. (6) 0.022 400 0.0 30.0 1.0
0.0 1.5

0.05 30.0 1.0
0.022 0.0 1.5

– – 30.0 1.0

3 1 1, 2

nd compressibility β=1.0 ∙10−5 GPa−1.
ges (1995), (4) Ranalli (1995), (5) Schmidt and Poli (1998)



Table 2
List of all reference models (see Section 2.1.1 for a full description). tmax is the maximum
model time reached from the beginning of the experiment and BC are the implemented
boundary conditions shown in Fig. 3.

Model ΔTP Mmin, Mmax tmax Comment BC

[wt.%] [Myr] Regime/Fig.

A0 0 2, 4 54.17 I, Fig. 5 Fig. 3a
A1 50 2, 2 34.66 II Fig. 3b
A2 100 2, 2 26.03 II, Fig. 6 Fig. 3b
A3 150 2, 2 22.65 II Fig. 3b
A5 175 2, 2 23.36 III, Fig. 7 Fig. 3b
A4 200 2, 2 9.17 IV Fig. 3b
A6 250 2, 2 6.47 IV, Fig. 8 Fig. 3b
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referencemantle potential temperature Tinitial=1556 K (Herzberg et al.,
2007) in the initial models is increased by some constant value ΔTP=
T(t)−Tinitial(0−250 K) (Fig. 4). This way the asthenospheric adiabatic
thermal gradient (0.5 K/km) is kept constant, while the lithospheric
geotherm flattens and leads to a weakening of the crust and the
subcrustal lithospheric mantle (Fig. 4).

The referencemodelA0 corresponds to a typical present day subduc-
tion setup (after Duretz et al., 2014) and has amantle potential temper-
ature of Tinitial=1556 K. The Precambrian models A1 to A6 differ from
the initial model in temperature ΔTP=[50,100,150,175,200,250] K.

2.3. Numerical constraints and setup dependencies

This model setup is constructed to satisfy present day subduction
conditions. For example, the radiogenic heating is not varied between
models since previous work of Sizova et al. (2010) demonstrated its
rather minor influence for relatively short timescales (few Myr to few
tens Myr) investigated by our numerical modelling study. To account
for increased radiogenic and primordial heating in the Precambrian
mantle, the mantle potential temperature TP is increased, which also
results in hotter oceanic and continental lithospheric geotherms. The
model setup will therefore become less accurate with increasing ΔTP
roughly corresponding to earlier times in Earth history.

Due to the chosen type of model setup the models will go into a
retreating mode of subduction in the oceanic domain (Duretz et al.,
2014). After collision and further retreating the model is stopped when
the trench reaches the model boundary. Models at higher ΔTP are more
challenging insofar as more melt is produced as well as higher velocities
and sharper viscosity contrast are observed. A relatively large minimum
viscosity of 1019 Pa ∙s and very short timesteps (b100Myr) are necessary
to stabilise thesemodels. For the present daymodel A0, 50Myr of model
development take ~3 months of compute time which increases to
∼6 months compute time for only 6.5 Myr of model development for
model A6 at the highest mantel temperature ΔTP=250 K.
Fig. 4. Temperature profiles for the reference models (see Table 2). Solid lines indicate
profiles in continental crust (Fig. 1, position E) while dashed lines indicate profiles in the
oceanic crust (Fig. 1, position D).
3. Results

In the following a systematic numerical investigation of the subduc-
tion process is undertaken and its spatial and temporal variations in
crustal growth, arc formation, plate thickness and dynamic regime are
discussed in relation with imposed mantle potential temperature
changes. An overview over the discussed models is given in Table 2
and Figs. 5 to 8 as well as Figs. S1 to S4 for melt composition.
3.1. Reference model for present day subduction (ΔTP=0 K)

Starting from the setup as shown in Fig. 1 the model is compressed
with a total convergence speed of 3 cm/yr. Subduction initiates at the
prescribed weak zone and a 6−8 km deep trench forms (Fig. 9)
which starts to fill with sediments. The subducting oceanic plate is driv-
en below the overriding continental plate and bends downward
(Fig. 5a). The overriding plate is compressed and thickened and forms
a mountain range with an elevation of approximately 3−4 km (see
Fig. S7 for the topographic evolution, where Figs. S7d and S7e correlate
with the collisional stage). Scraping of the subducting upper crust
(sediments and basalts) forms an accretionary wedge between the
two plates (Fig. 12a). Water is transported down together with the
subducting hydrated oceanic crust and hydrates both the overriding
plate and the asthenospheric mantle wedge above the slab. Due to
porous water release from the oceanic crust, felsic continental crust of
the overriding plate becomes hydrated which leads to a drop in
viscosity, and triggers formation of a subduction channel (Fig. 12b).
Bound water, which is dragged down and released at greater depths,
allows hydration of mantle peridotite on top of the slab. In the first
10 Myr the slab subducts at a shallow angle (Fig. 5a). From 8 Myr on
the hydrated peridotite starts to partially melt and the relatively
warm, advancing slab tip is slightly deflected upwards by asthenospher-
ic flow around the subducting and steepening slab within the next
9 Myr. After ∼17 Myr the slab subducts into the mantle at a steep
angle of almost 90°. The whole upper surface of the slab is covered by
a continuous layer of hydrated peridotite, which becomes partiallymol-
ten at higher temperature conditions. Hydrated peridotite is positively
buoyant compared to the ambient dry mantle and starts to rise back
up along the subduction channel and penetrates lithosphere and crust
of the overriding continent after ∼18 Myr further hydrating lower
continental crust in proximity of the slab by dehydration-released fluids
(Figs. 5b and 12b).

At the same time the incoming continent which is carried by the
subducting plate collideswith the overriding plate and the initial ocean-
ic basin becomes closed. Within this transitional stage (20−25 Myr)
compression boundary conditions are gradually deactivated. The in-
coming continent is subducted to great depth of over 100 km before
the slab breaks off under the continent-continent collision zone opening
a window in the subducting plate. A Subduction-Transform Edge Prop-
agator (STEP) (Govers and Wortel, 2005) associated with plate tear
forms along the boundary between continental and oceanic domains



Fig. 6. Evolution of the model A2 at ΔTP=100 K. The model shows (a) an irregular LAB,
(b) ablative subduction and necking of the slab, (c) partial melting of the mantle wedge
and a widening of the magmatic arc (see text for details and Fig. S2 for detailed melt
distribution).

Fig. 5. Evolution of the present day reference model A0 at ΔTP=0 K. The model shows an
oceanic-continental subduction with the formation of a trench, (b) a magmatic arc and
then continent-continent collision and (c) the opening of a slab window and the
formation of a STEP boundary (see text for details and Fig. S1 for detailed melt
distribution).
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of the subducting plate (Fig. 5c). Subduction in the oceanic domain con-
tinues in a retreating manner after the window opening solely due to
the slab-pull and the retreating trench forces the overriding plate to
extend (Duretz et al., 2014).

3.2. Influence of mantle potential temperature increase ΔTP

3.2.1. Variations in the retreating speed of the subducting slab and trench
In the presented models the applied setup and boundary conditions

(see Sections 2.1.1 and 2.3) lead to the formation of a self-consistent
subduction with its major driving forces being compression and
slab-pull. After the collision event in the continental domain (and the sub-
sequent shut-off of the velocity boundary conditions at 20−25Myr) the
only remaining driving force is slab-pull which leads to a retreat of the
subducting slab and trench and to an extension of the overriding plate
(Fig. 9 and Duretz et al. (2014)).

Fig. 9 shows theminimumelevation automatically picked along a sur-
face profile in either the oceanic or continental domain of the model. In
the present daymodel (ΔTP=0K, see also Fig. S7) a 6−8 kmdeep trench
is formed within b5 Myr (Fig. 9a and b). In the continental domain this
trench is closed again during the collisional stage (Figs. 5c and 9c).
Looking at the lateral evolution the trench only migrates by a short



Fig. 8. Evolution of themodel A6 atΔTP=250K. Themodel shows intense non-arc-related
basaltic volcanism (light green), (a) rapid necking of the slab tip, (b)-(c) formation of very
large accretionary prism (see text for details and Fig. S4 for detailed melt distribution).

Fig. 7. Evolution of the model A5 at ΔTP=175 K. The model shows (a) early slab necking,
(b)-(c) both planar and cylindrical off-slab lithospheric dripping (see text for details and
Fig. S3 for detailed melt distribution).
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distance of 50 km before the collisional stage is reached (Fig. 9d). In the
oceanic domain the distance of retreat matches the one found in the
continental domain up to the collisional stage. After collision the velocity
of retreat is increasing and it slows down again close to themodel bound-
ary at a distance of 600 km from the original trench position (Fig. 9b).

Models for ΔTP=50−100 K follow the same pattern (Figs. 9 and
S8) and the collisional stage looks very similar. However, the trench in
the continental domain tends to close earlier with increasing ΔTP
(Fig. 9c). The same observation can be made for the oceanic domain,
where the trench retreats faster for higher ΔTP (Fig. 9b).

Models at ΔTP=150−175 K (Fig. S9) have a delayed formation of
the trench in addition to the earlier closing (Fig. 9a and c). Model
A5 at ΔTP=175 K can therefore not reach a maximum trench depth of
8 km in the continental domain (Fig. 9c). The profiles also become
increasingly more erratic, which signifies that it gets increasingly
more complicated to pick a definite trench.

For ΔTP=200−250 K the ‘trench’ is above sea level for the most
time (Fig. 9a and c and topographic figures in Fig. S10). The strongly
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erratic jumps between 0−50 km and 350−400 km mainly visible in
the continental domain of the model (Fig. 9d), hint at the formation of
two ‘proto’-trenches at both sides of the oceanic plate, the active and
the passive margin. Similar observations are made in the alternative
model B4h (see Table S1 and Figs. S5 and S6).

Higher ΔTP leads to a faster retreat of the trench. The faster retreat is
assisted by both a weaker mantle which allows faster slab retreat and a
weaker continental crust which allows faster extension of the overrid-
ing plate. However, there is also a counteracting trend with increasing
ΔTP of decreasing trench depth, caused by stronger volcanic activity.
3.2.2. Variations in slab geometry and behaviour
In the Phanerozoic model A0 it takes 17 Myr of subduction to reach

the collisional stage (Fig. 5b and c). The slab penetrates the mantle at a
steep angle of 60°−70°. The slab tip bends slightly upward however
the slab stays coherent during the entire subduction process (Figs. 5b
and 10a).

At a moderate increase in mantle temperature of ΔTP=100 K no
large-scale differences are observed in the subduction process (Fig. 6).
There are some minor changes however. During subduction initiation
and in the early stages of subduction, parts of the overriding lithosphere
are entrained and subducted as well (see Figs. 10b, 11c and 12c). The
subducting plate steepens to its final near vertical angle of 80°−90° of
descent within a shorter timescale of ∼11 Myr (Fig. 10b). After 11 and
13 Myr sheet-like drips develop from the relatively warm advancing
slab tip (Fig. 6b and c) and after 20 Myr necking of the slab can be
observed at 400 km depth (Fig. 11d).
Fig. 9.Observations of trench retreat at different ΔTP. The subduction trench is defined as them
(Fig. 1) for (a) and (b) and along profile C (Fig. 1) for (c) and (d). (a) and (c) show evolution o
(d) show the distance of retreat from the original trench position (given by the red line in Fig.
For high uppermantle temperatureΔTP=200K the slab tip drips off
nearly immediately after subduction initiation at 2Myr (Fig. 12e). In the
model A4 however the slab only reaches a depth of 300 km after 9 Myr
(Fig. 10c) and no weakening due to slab bending can be observed
(Fig. 11e). The subduction process remains unfinished and the collision-
al stage is never reached. In the alternative model B4h (see Table S1 and
Figs. S5 and S6) the slab reaches the bottom of themodel domain. How-
ever shortly after subduction initiation the slab starts to lose coherence
and breaks up into several pieces by necking (Figs. S5d to S5f).

For ΔTP=250 K the slab tip drips off immediately after beginning of
the simulation (Fig. 8a). Due to strongly decreased crustal and mantle
viscosity, the respective model A6 evolves very rapidly and reaches
only an age of 6.5 Myr. By the end of the simulation the slab has
underthrusted the overriding plate by ∼160 km but only reaches a
depth of 150 km, no slab bending has occurred (Figs. 8c and 10d).

Increasing ΔTP therefore leads to an increase in subduction speed
and earlier and more frequent necking of the slab, which finally results
in destabilisation (breaking down) of the subduction process.
3.2.3. Variations in geometry and composition of the accretionary prism
Both geometry and composition of the accretionary prism are

changing with changing ΔTP. In the Phanerozoic model A0 (ΔTP=0 K)
the accretionary prism consist of a growingwedge of thickened basaltic
upper crust topped by a thickening sediment layer (Fig. 12a). At greater
depths, the subduction channel is composed of hydrated crustal rocks
and serpentinised overriding lithospheric mantle forms between the
plates, thus lubricating the subduction process (Fig. 12a). With ongoing
inimum of the surface profile, where oceanic subduction profiles are taken along profile A
f the trench depth with time in the oceanic and continental domain respectively. (b) and
1) in the oceanic and continental domain respectively.
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subduction, the size of the accretionary prism is reduced and the
subduction channel is thinned (Fig. 12b).

At a small increase in ΔTP=50−100 K, directly after subduction
initiation the overriding plate is slightly buckled close to the wedge.
This leads to the formation of a serpentinite pocket (i.e. pocket-like
subduction channel) between the subducting oceanic crust and the hy-
drated continental crust, which is filled by serpentinised lithospheric
mantle peridotite intermixedwith subducted oceanic crust and hydrated
continental crust (Fig. 12c). With increasing mantle potential tempera-
ture, the lower crust of the overriding plate tends to delaminate after
subduction initiation, which enables the formation of larger serpentinite
pockets between subducting oceanic crust and overriding continental
crust. Compared to model A0 a thick sedimentary wedge is formed dur-
ing later stages of subduction which persists until the collisional stage
(Fig. 12d).

ForΔTP=150−175 K new crust formed by volcanic processes plays
a major role in both formation and composition of the accretionary
Fig. 10. Variation of the slab geometry with increasing ΔTP shown in 2D slices of the
reference models. Position of the slice corresponds to profile B in Fig. 1.
prism. Inmodel A5 (ΔTP=175 K) large parts of the ocean floor are cov-
ered bymantle-derived basalts very early in the subduction process and
this is reflected by the accretionary prismwhichmainly consist of newly
formed volcanic rocks and oceanic upper crust. Compared to lower tem-
perature models, the crustal accretionary wedge can grow much
thicker, however no significant sedimentary component is present in
this wedge. Only a thin subduction channel is formed between the
plates which mainly consist of serpentinised mantle peridotite.

At the two highest temperatures we modelled (ΔTP=200−250 K),
the layer of newly formed basaltic crust on top of the original oceanic
crust grows extremely thick. Therefore, after a very short timespan of
only 2 Myr the oceanic crust reaches the same thickness as the overrid-
ing continental crust (i.e. 40−50 km). The accretionary wedge has a
large size and superposition of newly formed mafic volcanic crust over
the continental margin can be observed (see Fig. 12e). After 9 Myr the
‘wedge’ bears resemblance to an internally deformed collisional orogen-
ic structure, as can be seen from Fig. 12f.

3.2.4. Variations in geometry and composition of the forearc region
In the present day model A0 a clearly defined subduction channel

forms early in the model development (Fig. 12a). Almost no material
from the overriding plate is entrained into the subduction. The overrid-
ing plate remains strong and nearly undeformed even close to the
trench. A volcanic arc starts to develop at around ∼13 Myr and the
forearc section is separated from theoverridingplate, however it still re-
mains structurally intact (see Figs. 11b and 12b).

At an increased mantle temperature ΔTP=100 K delamination of
both lithosphere and lower crust of the overriding plate can be observed
already at an early stage of subduction (see Figs. 10b, 11c and 12d for
details). During this process partially molten and hydrated mantle
wedge material ascends from the slab (Fig. 10b). This weakens the
structural integrity of the forearc (Fig. 11d). As the slab starts to retreat
and partially molten asthenosphere moves into the opening gap
between the subducting and overriding plates (Figs. 12d and S2c), the
forearc is further weakened and thinned until the collisional stage is
reached (Fig. 11d).

For ΔTP=175 K the forearc region is weakened by strong flood ba-
salt style volcanism in combination with a growing region of partially
molten mantle wedge below the arc (Fig. 7b and c). Due to the fast
slab retreat (see also Section 3.2.1) no clear arc is formed and the forearc
region is further thinned, weakened and stretched. This pattern con-
tinues at highermantle potential temperatureswhere thewhole forearc
region is completely ‘reworked’ over the course of the model (Figs. 7
and S5).

3.2.5. Variations in arc and backarc region
In all models the upper surface of the plunging slab is hydrated and

partially molten (Figs. S1 to S3 and S6). As the slab penetrates deeper
into the mantle it continuously drags down hydrated oceanic crust
which releases water at depths hydrating overriding mantle wedge pe-
ridotite and thus lowering its melting temperature. This well-known
fluid-fluxed melting mechanism (Bouilhol et al., 2015, and references
therein) allows to partially melt the peridotite atop the slab. Hydrated,
partially molten mantle peridotite is positively buoyant compared to
the surrounding mantle and with ongoing subduction therefore rises
up against the slab motion (Fig. 10a). This upwelling material starts to
penetrate and break up the lithosphere of the overriding plate. At this
time the first occurrence of new volcanic crust formation can be ob-
served above the upwelling partially molten mantle region which can
be interpreted as subduction-related arc volcanism.

In the Phanerozoic model hydrated peridotite with subordinate vol-
ume of partially molten hydrated mantle rises from the slab roughly
100 km from the trench in a linear pattern, penetrating the crust in
the form of a thin wedge. Only a small amount of newly formed crust
is produced forming a narrow but well defined linear arc (Fig. 5c).



Fig. 12. Variation of the accretionary prism andmantle wedge with increasing ΔTP is shown in 2D slices of the reference models at an early ((a), (c), (e)) and later ((b), (d), (f)) stage of
model development. Position of the slice corresponds to profile B in Fig. 1.

Fig. 11. Variation of the viscosity with increasing ΔTP shown in 2D slices of the reference models at an earlier ((a), (c), (e)) and later ((b), (d)) stage. Position of the slice corresponds to
profile B in Fig. 1.
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Fig. 13. For all models A0–A6withΔTP=0−250 K in the top panel (a) the total volume of
partially molten mantle produced by dry decompression melting is shown (comprised of
Figs. S12c, S12j and S12k). (b) In the bottom panel the volume of partially molten mantle
produced by fluid-fluxed melting is shown (comprised of Fig. S12l). Partial melt from
newly formed crust is not considered. A detailed analysis of volume change by
composition for all fluids is given in Fig. S12.
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With increasingΔTP the amount of partialmelt formed fromhydrat-
ed mantle peridotite increases. Below the young arc a broad partially
molten mantle region forms with size and volume largely depending
on mantle temperature and which is fed by partially molten hydrated
mantle rising from the subducting slab top (see Fig. 6b and c). Slab re-
treat (see Section 3.2.1) leads to a less clearly defined arc which spreads
over awider region. The backarc region is extended and a backarc-basin
formed which is filled by basalts derived from decompression melting
of rising asthenosphere. At ΔTP=100 K an 80 kmwide, relatively shal-
low arc crust is formed in this manner (Fig. 12d).

For high ΔTP a large area of partially molten mantle forms below
the arc region (Fig. S3a), which produces a rheologically weak gap
between the overriding plate and the slab and allows for the forma-
tion of large amounts of volcanic rock. With ever increasing temper-
ature the arc grows in width. In model A5 (ΔTP=175 K) no
penetration of the crust by rising hydrated and partially molten
mantle is observed and new crust is formed over a much wider
area but with smaller thickness (Fig. 7c). In model B4h (ΔTP=
200 K, see Table S1 and Figs. S5 and S6) due to the fast slab retreat
no pronounced linear arc is formed but the trench is followed direct-
ly by a broad region of overriding plate extension and intense dis-
tributed basaltic volcanism (Figs. S5c to S5e).

With increasing ΔTP larger volumes of arc basalts are produced
which are spread over a wider area, having a thickness of 8−12 km
with maximum thickness at ΔTP=100 K (Fig. 12b, d and f).
Fig. 14. The total volume of volcanic rock present in the course of the model is shown in
solid lines for models A0–A6 with ΔTP=0−250 K. The volume of volcanic rock without
rocks subducted to depths N50 km is shown in dashed lines. Eroded material is not
considered. A detailed analysis of volume change by composition for all solids is given in
Fig. S11.
3.2.6. Relationship between fluid-fluxed and decompressionmantlemelting
There are two different melting mechanisms considered by our

models. Fluid-fluxed melting can only occur in hydrated crustal and
mantle rocks and predominantly occurs on top of the downgoing slab
which acts as a continuous source of water. As seen in Fig. 13b hydrated
partial melt first appears at ∼10Myr. Its volume continuously increases
but no significant systematic changes with increasing ΔTP can be ob-
served. Models with ΔTP=200 K and 250 K never reach a model age
of 10 Myr and no subduction is initiated. Therefore, nearly no hydrated
partial melt is formed in these models. A second melting mechanism is
dry decompression melting. Decompression melting mainly occurs in
sublithospheric zones of upwelling hot mantle and the source material
is predominantly dry asthenosphere. From Fig. 13a two maxima of dry
melting can be identified (though the secondmaximum is not reached).
The early maximum is related to initial mantle temperature conditions.
With increasing ΔTP the volume of dry partial melt present in the as-
thenosphere increases since the region where the geotherm crosses
the peridotite solidus increases in size. The amount of partially molten
dry mantle decreases after formation of the new thick basaltic crust at
the surface (Figs. 13a and 14), which increases lithostatic pressure in
the asthenosphere and thus decreases the extent of dry decompression
melting. From ∼12 Myr the dry partial melt volume increases again be-
cause in the mantle wedge above the slab a growing area of partially
moltenmantle is developing due to the overriding lithosphere thinning
(see e.g. Fig. 12d). Decompression melting of the mantle wedge cannot
be observed for ΔTP=0 K and is only a very minor effect at ΔTP=50 K.
However, with increasingΔTP the area of dry decompressionmelting in
the mantle wedge is notably growing and for ΔTP≥150 K decompres-
sion melting of sublithospheric mantle also occurs away from the
mantle wedge in increasing volumes (Fig. 8c).

In the Phanerozoic model fluid-fluxedmelting is dominant and par-
tial meltingmainly occurs on top of the downgoing slab. Inmodels with
an increased ΔTP decompression melting mechanisms become increas-
ingly more important. At lower ΔTP=50−150 K it is still confined to
themantle wedge and leads to the formation of a wider arc as discussed
above in Section 3.2.5. For ΔTP=150−250 K decompression melting
occurs along the entire LAB surface and extensive broadly distributed
basaltic crustal growth shows characteristic of flood basalt style
volcanism.
3.2.7. Variations in volume and composition of newly formed crust
With increasing ΔTP the curves in Fig. 14 show an increasingly

higher volume of the newly formed basaltic crust produced from larger
volumes of partially molten asthenosphere initially present in the re-
spective models (see Figs. 13a and 14). This broadly distributed basaltic
crust growth occurs for all models withΔTPN50 K and is not confined to
the subduction-related arc. For high temperature models starting out at
a high volume of newly formed volcanic rock in the following quiet
period the total amount of new crust is slightly decreasing. This is
both due to subduction of newly formed crust (see Fig. 14, dashed
lines) and due to the simplified erosion model, which instantaneously
removes volcanic rocks deposited above the prescribed erosion level.
In Fig. 14 the change in slope at around 12−15 Myr marks the onset
of arc volcanism where large volumes of crust are produced confined
to the relatively small area of the volcanic arc. The difference between
solid and dashed line in Fig. 14 indicates the amount of subducted
new crust and is growing with increasing ΔTP. As arc volcanism is con-
fined to the overriding continental plate we can conclude that at high
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ΔTP not only are large amounts basaltic new crust formed on the ocean-
ic plate and in the trench but also increasing volumes are subducted.
The very high temperature models A4 and A6 with ΔTP=200 K and
250 K are again an exception where self-sustained modern-style sub-
duction is never initiated. Arc volcanism or subduction of newly formed
crust can therefore not be observed in these models.

3.2.8. Variation in structural behaviour of the crust and mantle lithosphere
In the present daymodel, the plates move as rigid entity leaving the

crust nearly undeformed. However, at increasedΔTP the compressional
setup leads to buckling in the continental crust of the subducting plate
and delamination of the overriding crust close to the subduction zone.
At ΔTP=100 K a slight buckling of the subducting continental crust
can be observed which shows its already weakened state (Fig. 15b). At
ΔTP=150 K the overriding crust is strongly buckled also away from
the subduction zone and the lower crust starts to delaminate. Similar
behaviour is observed at ΔTPN150 K. This behaviour which leads to a
deformed and inhomogeneous base of the crust is rheologically
mirrored by buckling of the lithosphere producing planar sheet-like or
cylindrical drips (Figs. 7b, c and 8c).

Further indication for the increasingly weakened rheological state of
theplates are given by the passivemargin. The connection between oce-
anic and continental plate in the subducting plate shows nearly no indi-
cation of the applied stress in the present day model (Fig. 15a). With
increasing ΔTP the continental crust in the passive margin zone is
thickened due to compression (Fig. 15b). For ΔTP=150 K and higher
the passive continentalmargin is typically pushed down into themantle
starting a symmetrical subduction of the oceanic lithosphere from both
ends (see Fig. S5).

In several models with an increased ΔTPN100 K (in one case B2 (see
Table S1) even for ΔTP=100 K) it can be observed that above a zone of
strongmantle upwelling the lithosphere becomes strongly thinned and
partially molten until hot partially molten asthenospheric mantle di-
rectly reaches the crust (Figs. 7c and 15c). At this point the lower
crust starts to melt (Fig. S3c) and the once structurally coherent plate
Fig. 15. Evolution of the passive margin with increasing ΔTP is shown in 2D slices of the
reference models. Position of the slice corresponds to profile B in Fig. 1.
is effectively broken into two fragments. This necking process can be ob-
served in both continental and oceanic plates as well as in the
subducting and overriding plate. It preferentially appears on the left or
right model boundary but can also be observed inside the model
(Figs. 11d and S5).

All of the above described processes lead to an increasingly inhomo-
geneous base of the lithosphere for higher ΔTP. For ΔTP≥150 K these in-
homogeneities are then able to spawn thermal or thermochemical edge-
instabilities which coincide with cold lithosphericmantle downwellings.
These downwellings can show characteristics of either cylindrical or
planar sheet-like drips (descending cold plumes) (Figs. 7c, 8c and 15c).

3.2.9. Variations in the mantle flow pattern
The general mantle flow pattern as observed in the present day

model is very simple. Material flows in through both side boundaries
and leaves through the model bottom (Fig. 3a). Through the course of
themodel this pattern mainly stays the same. The mantle downwelling
in the middle of the model box gets more pronounced and focused
below the subducting slab. Additionally, during subduction, a poloidal
flow around the slab tip can be observed.

Due to the different velocity boundary conditions (see Fig. 3 and
Section 2.1.1)modelA1 (ΔTP=50K) and A2 (ΔTP=100K) showslight-
ly different convection patterns thanmodel A0. Howevermajor features
are consistent. The formation of two stable convection cells soon after
subduction initiation can be observed. These convection cells remain
stable until the collisional stage and break-off of the slab (Fig. 16a).
Also the poloidal flow around the slab tip can be observed (Fig. 16a).

For ΔTPN100 K however no stable configuration of convection can
be established during subduction. The number of convection cells varies
Fig. 16. Mantle flow pattern for (a) model A1 (ΔTP=50 K) and (b) model A4 (ΔTP=
200 K). For increased ΔTP an area of small-scale mantle convection forms between
100−300 km. Position of the slice corresponds to profile B in Fig. 1.
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over the horizontal model extent generally increasing with increasing
ΔTP. This small scale convection is very shallow though and limited to
the uppermost ∼300 km of the mantle (Fig. 16b).

4. Discussion

4.1. Geodynamic regimes of subduction and lithospheric dynamics in
numerical experiments

In the following, the above described models are grouped into four
regimes for the purpose of easier description. However, it should be
kept in mind that no strict boundaries are observed between these re-
gimes and gradual development from Precambrian plume-lid tectonics
(Gerya et al., 2015) to present day subduction and plate tectonics seems
more likely.

4.1.1. Regime I: present day subduction ΔTP=0 K
The first regime is used as a reference case for present day subduc-

tion (see Section 3.1 and Fig. 5) and can nowadays be observed globally
in different stages e.g. the Andes or the Himalayas.

4.1.2. Regime II: dripping subduction ΔTP=50−100 K
The second regime is still very similar to present day subduction and

at increasedmantle temperatures of 50−100 K the large-scale subduc-
tion process still operates in the same manner as at the present day
mantle temperature (see Fig. 6 for an overview). However, there are
clear indications of plates weakened by increased temperature, like
buckling of the subducting plate (Fig. 15b), beginning delamination of
the lower crust in the overriding plate (Fig. 10b), increasingly earlier
drip off from the slab tip (Fig. 18), starting necking of the slab
(Fig. 11d) and larger volumes of partially molten asthenosphere
(Fig. 13). Drip-off from the subducting slab (see Fig. 6b) can occur
repeatedly during the subduction process. With increasing mantle
temperature, the first drip-off from the slab tip occurs earlier after sub-
duction initiation (Fig. 18). Due to the short model runtime no slab
break-off can be observed (apart from the slab break-off and subse-
quent opening of a slab window directly below the orogen e.g. in
Fig. 5c). However, weakening of the slab at higher temperatures
(Fig. 11d) suggests that slab break-off could occur for longer model
runtime. This has already been observed by van Hunen and van den
Berg (2008) and Moyen and van Hunen (2012).

We call this regime ‘dripping subduction’ as it is characterised by a
stable subduction zonewhich is still very similar to present day subduc-
tion butwithmultiple drips from the slab tip and possible slab break-off.
VanHunen and van den Berg (2008) andMoyen and vanHunen (2012)
found what can be called ‘episodic subduction’ as they observed multi-
ple slab break-off under similar conditions. We therefore suggest that
our observed dripping subduction regime could correspond to episodic
subduction at its early stage.

4.1.3. Regime III: transitional mode ΔTP=150−200 K
In a third regime, active primarily at a mantle potential temperature

increase of ΔTP=150−200 K, the tectonic process shows (see Fig. 7)
both features of subduction (Sections 4.1.1 and 4.1.2) as well as plume-
lid tectonics (Section 4.1.4). In this transitional mode, the slab tip starts
to weaken and neck off very rapidly after the subduction initiation, al-
though not fast enough to terminate the formation of a slab. At ΔTP=
200 K (e.g. model B4h as shown in Table S1 and Figs. S5 and S6) the
subducting slab warms up rapidly and eventually becomes entrained in
mantle convection and loses coherency. Additionally, with increasing
temperature the subduction becomes ablative (two-sided) (e.g. Davies,
1992) and increasingly large portions of overriding mantle lithosphere
and lower continental crust become entrained into the subduction pro-
cess. This leads to an increasingly two-sided geometry of the subduction
zone, though still notably asymmetrical (Figs. 11c, e and S5).
The two stable large-scale convection cells, present at the left and
right side of the slab at lower mantle temperature (Fig. 16a), break up
into a series of multiple smaller convection cells forming directly below
the LAB (Fig. 16b). These convection cells are very non-stationary
and are also associated with increasingly laterally inhomogeneous
temperature distribution at the base of the lithosphere. Above mantle
downwellings thermochemical instabilities form, which produce drips
of cold lithosphere into the asthenospheric mantle (Figs. 7c and S5).

4.1.4. Regime IV: plume-lid tectonics ΔTPN200 K
For increases in the upper mantle temperature of ΔTPN200 K or

higher subduction is no longer observed even in our kinematic
modern-style subduction setup (see Fig. 8). Instead a new tectonic
style emergeswhich is strongly dominated by up- and downwelling, in-
tensely convecting mantle which interacts with the internally
deforming (non-subducting) lithospheric lid. Intense volcanism is no
longer constrained to volcanic arcs but forms extensive planes of
newly formed mantle derived mafic (basaltic) crust (see Fig. 8c but
also Fig. S10). Oceanic and continental crust grow to roughly the same
thickness which strongly hinders subduction. Strong mantle return
flow leads to melting at the edges of the model and breaks up the litho-
sphere, thus precluding its plate-like behaviour.

This geodynamic regime, usually named ‘plume tectonics’, ‘plume-
lid tectonics’ or ‘heat-pipe regime’, has been previously discussed
(Hamilton, 1998; Smithies et al., 2003; Herzberg, 2014) and modelled
(Vlaar et al., 1994; François et al., 2014; Johnson et al., 2014; Gerya
et al., 2015) by several authors. Van Kranendonk (2011) also proposed
a very similar conceptual model to describe the asthenospheric mantle
formation of the BarbertonGreenstone belt in South Africa aswell as the
East Pilbara Terrane in Western Australia (Van Kranendonk, 2010) and
Hill et al. (1991) discuss a similarmodel for the Yilgarn Block ofWestern
Australia. Recent studies also show the onset of subduction-like dynam-
ics from plume-lid tectonics (Gerya et al., 2015; Sizova et al., 2015). In
this study our aim was to start at the present day end-member, plate
tectonics, and find possible tectonic regimes and transitions from plate
tectonics to plume-lid tectonics. The present day plate-tectonics-like
setup (Figs. 1 and 2) is obviously unsuitable for proper investigation of
plume-lid tectonics (Gerya et al., 2015; Sizova et al., 2015; Fischer and
Gerya, in press), which is beyond the scope of this study.

4.2. Linking temperature and plate strength

The main parameter which is changed between the various models
here is themantle potential temperature. Increasing themantle temper-
ature but keeping the surface temperature and lithospheric thickness
constant produces notable steepening of the crustal and lithospheric
geotherms. This affects various other parameters as well but mainly
the lithospheric viscosity profile. As shown in Fig. 17b, below oceanic
crust the viscosity drops by around one to two orders of magnitude
while the strong part of the plate thins. The same is true below conti-
nental crust (Fig. 17a). Due to themantle viscosity decrease at increased
mantle temperature the base of the lithosphere starts to build drips and
folds more easily. Additionally, the continental strength is lowered and
the connection between crust and subcrustal mantle-lithosphere as
well as between upper and lower crust isweakened. This allows for eas-
ier delamination of continental crust at increased upper-mantle tem-
perature. This effect can mainly be observed at the subduction trench
where at higher temperatures also upper continental crust is entrained
in the ablative subduction process (see e.g. Fig. 12c).

4.3. Consequences of wide-spread mantle-derived magmatism

New basaltic crust formed on top of oceanic crust does not
destabilise the layering. The dynamics can however be influenced due
to the fact that the oceanic crust effectively becomes thicker and thus
more positively buoyant. This thicker oceanic crust influences dynamics
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in twoways. The added thickness allows for a larger accretionarywedge
to be built which hinders subduction and chokes the subduction
zone. The resulting dynamics resemble a collisional process (see e.g.
Fig. 12f) which can be found in modern continent-continent collision
or island arc accretion zones.

Volcanic crust of basaltic composition however is denser than upper
continental crust and thus newly formed crust formed on top of
continental crust is gravitationally unstable. Large amounts of volcanic
rocks erupting in a flood basalt style on top of a weakened continental
crust lead to an overturn in the crust (François et al., 2014; Johnson
et al., 2014). Denser mafic crust starts to sink down into the underlying
felsic crust which in turn starts to dome up (e.g. Figs. 8c and 12d). This
tendency seems similar to the beginning of the development of a typical
dome-and-keel structure (Van Kranendonk, 2011), although longer-
term 3Dmodels with hot mantle temperature will be needed for prop-
erly investigating crustal domingprocesses triggered bymantle-derived
magmatism (Fischer and Gerya, in press).

The strong volcanism and large volume of crust formation leave
behind a growing layer of depleted asthenospheric mantle effectively
cooling it down and turning it into a depleted lithosphere. However,
this rudimentary lithosphere is not stable under high TP conditions
and frequently drips off into the mantle. This generates a return flow
and more decompression melting which in turn generates more new
crust and depleted mantle (Johnson et al., 2014).

4.4. Formation of small plates

Thinning and necking of the lithosphere and crust can mainly be
observed at model boundaries. Thinning of the plate (as e.g. seen in
Figs. 15c and S3c) is caused by hot mantle upwelling. The process
therefore occurs more often and faster at higher mantle potential tem-
perature. At higher ΔTP smaller scale convection cells directly below
Fig. 17. Effective (visco-plastic) viscosity profiles for both (a) continental and (b) oceanic
lithosphere atΔTP=0−250 K corresponding to referencemodelsA0 toA6. Position of the
profiles corresponds to localities D (oceanic) and E (continental) in Fig. 1.
the lithosphere can also lead to thinning of the former, e.g. above the
mantle wedge (Figs. S2c and S6e). With the given boundary conditions
(Fig. 3b) and model box size and ratio, mantle convection is forced to
form upwellings at the left and right model boundaries. Considering
these limitations, these findings seem to indicate formation of smaller
plates with higher ΔTP (Sizova et al., 2010).

4.5. Slab break-off and initiation of cold plumes

Fig. 18 shows the timing of the first slab break off or necking with
different ΔTP. At present day mantle temperature, the slab only breaks
off after continental collision. For an increased ΔTP an earlier drip off
at a shallower depth indicates the start of dripping subduction. At
ΔTP≥200 K the subducting plate drips off within b4 Myr or as soon as
it enters themantle andmodern-style subduction is thus no longer pos-
sible. For an increase in ΔTP=100 K the slab viscosity is lowered by
roughly an order of magnitude (van Hunen and Moyen, 2012). Van
Hunen and Allen (2011) showed that aweakened slab leads to a shorter
delay time between continental collision following slab break off. The
process of slab necking and tearing is also sped up within a weakened
slab (van Hunen and Allen, 2011). Furthermore, van Hunen and van
den Berg (2008) showed that for increasing ΔTP subduction becomes
faster and more episodic.

At ΔTP=150 K cold plumes or Rayleigh–Taylor instabilities appear
for the first time not at the slab tip but at the base of the lithosphere
(Fig. 18). With further increasing ΔTP the number of “off-slab”
RT-instabilities appearing during the course of the model increases
while the onset time decreases.

4.6. Factors inhibiting the subduction process

Several factors can either hinder or totally inhibit subduction. With
increasing ΔTP more lithospheric material of the overriding plate is
entrained which eventually leads to a more two-sided (ablative) sub-
duction style (Davies, 1992). Rheological weakening of the continental
crust also leads to delamination of the lower crust which can slow
down subduction substantially because of the low density of the
continental crust. In addition, oceanic crust on the subducting plate is
growing thicker and its positive buoyancy is increased which could fur-
ther hinder subduction in the beginning before eclogitisation depth is
reached (van Hunen and van den Berg, 2008).

Very strong crustal growth of the oceanic crust by mantle-derived
magmatism can also lead to a growing size of the accretionary prism.
The subduction zone becomes locked as increasingly larger volumes of
the newly-formed volcanic rocks are accreted into what starts to
Fig. 18. Important events during the model evolution are shortly summarised for all
models in Table S1. The length of the bar indicates the maximum length of the model
run tmax. The black symbol at ∼20 Myr indicates continental collision. Blue drips signify
necking or dripping restricted to the slab tip, whereas yellow/red drips signify dripping
away from the slab.
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resemble a collisional orogen between a felsic and a mafic terrain
(Fig. 12f and Davies (1992)).

The higher mantle temperature and subsequent weakening of a
subducting slab leads to an earlier slab break-off. The major driving
force of subduction (van Hunen and Moyen, 2012) is therefore
effectively removed. Especially at ΔTP≥200 K subduction is practically
impossible to start as any lithospheric discontinuity simply drips off
immediately (Fig. 8c and Davies (1992); Smithies et al. (2003)).

4.7. The onset of subduction

One of the most strongly debated questions about early Earth
tectonics is how and when did the first subduction zone initiate. To
answer these questions, we need to consider secular changes in global
geodynamic regimes forward in time. As suggested for example by
Van Kranendonk (2011) for the South African Kaapvaal craton and by
François et al. (2014) for the Australian East Pilbara craton the dominat-
ing tectonic regime in the earlier Archean was plume-lid tectonics,
which consists of a stable two-layer convection-system with separate
crustal doming andmantle convection with a strong emphasis on verti-
calmovement (Vlaar et al., 1994; Smithies et al., 2003; VanKranendonk,
2011; François et al., 2014). A sketch of Archean Plume-lid tectonics as
modelled by Fischer and Gerya (in press) is shown in Fig. 19.

With decreasing ΔTP the lithosphere and crust strengthens and
more material becomes entrained by lithospheric dripping. This
dripping process might indeed help to initiate horizontal motions in the
crust as well. Further decrease in ΔTP will lead to a dripping which even-
tually is able to entrain lower crustal material as well. At this stage, drip-
ping therefore starts to resemble a two-sided subduction (Fig. S5c and
Davies (1992)). However, this very early proto-subduction will remain
episodic and associate with frequent slab necking and dripping.With fur-
ther cooling of the mantle colder, stronger, more coherent and longer
slabs become feasible. Further decrease in ΔTP allows to strengthen the
slab and leads to less frequent slab break-off and finally a stable subduc-
tion process (van Hunen and van den Berg, 2008; Gerya et al., 2015).

The described evolutionary progression corresponds to a gradual
transition between the two end-members plume-lid tectonics in the
early Archean and Subduction in the Phanerozoic. Therefore, any time
between the Archean and the Present may show some kind of
subduction-like dynamics. However how close to present day the tran-
sition to modern-style subduction and plate tectonics was, remains
Fig. 19. Sketch of Precambrian tectonics. The crust is dominated bydiapiric overturns. Cold
overthickened unstable lithosphere drips down into themantle initiating delamination or
two-sided subduction.
debatable. Our models thus, suggest gradual rather than abrupt
plume-lid tectonics to plate tectonics transition in the Earth's history.
4.8. Setup dependencies and model limitations

Knowledge about the global geodynamic style and lithospheric and
crustal conditions during the Precambrian are very limited and the ex-
ploredmodern-style plate tectonic setupmay, therefore, be not fully ap-
propriate for analysing the Precambrian mantle and crustal dynamics.
Due to a model setup and kinematic boundary conditions which are
very similar to present day, subduction can be observed up to very
high temperatures. Still subduction stability clearly breaks at roughly
ΔTP=200 K compared to present-day mantle potential temperature.
Presumably, without kinematically prescribed plate motions subduc-
tion might destabilise at even lower temperatures but this requires
careful investigation based on self-consistent models with spontane-
ously moving plates (e.g. Sizova et al., 2014).

At increased ΔTP the influence of the erosion level becomes more
visible. Erosion level is chosen either 8 or 4 km above the water level
and continent surface which seems to inhibit formation of larger
volumes of volcanic crust by instantaneous erosion in some cases.
Since sedimentation in our models is in fact independent of erosion
(see Section 2.1.1) nearly no sedimentation occurs in response to the in-
stantaneous erosional mass removal. Consequently, implementation of
more sophisticated erosion/sedimentation treatment approaches is
desirable in the future. Last but not least, crustal growth in our models
is assumed to be fully controlled by surface volcanism, whereas on
Earth intrusive crustal accretion in form of plutons is dominant, which
calls for the use of more realistic melt emplacement algorithms (e.g.
Vogt et al., 2012).
5. Conclusion

We varied the mantle potential temperature TP in a 3D present day
subduction model up to ΔTP=250 K. In models with ΔTP=200−
250 K we found that subduction is no longer possible and model evolu-
tion is driven by intense tectono-magmatic plume-lithosphere interac-
tions instead. We therefore propose that the early Archean Earth was
radically different and was driven by plume-lid tectonics. Its major ele-
ments are a thick crust of 35−50 kmwhich is internally convecting and
anunstable lithospherewhich displays vigorous small-scale instabilities
and thinning by dripping. Due to strong small-scale convection larger
plates are also often broken up into smaller fragments. At a lower
ΔTP=150−200 K models are subjected to frequent necking and
dripping processes and show characteristics of both types of tectonics:
Present day subduction and plume-lid tectonics. For ΔTPb150 K signs
of plume-lid tectonics disappear. At slightly elevated temperatures of
ΔTP=50−150K subduction has dripping and (possibly) episodic char-
acter and shows signs of weakened plates.

We conclude that tectonics, starting out from plume-lid tectonics,
evolved gradually into what we can observe today as plate tectonics
and subduction. Therefore, most likely no abrupt geodynamic regime
transition point can be specified as subduction gradually evolved over
time.
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